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Abstract–Activities of chromite in multicomponent spinels with compositions similar to those of H
chondrites were experimentally determined by equilibrating Pt-alloys with spinel at known
temperature and fO2. Our results are consistent with predictions based on the spinel solid solution
model incorporated into the MELTS program. Therefore, we combined literature formulations for the
activities of components in spinel, the ferromagnesian silicates, and alloys with measured and
literature (bulk alloy) compositions of the meteoritic phases to constrain T-fO2 conditions for the H-
group chondrites Avanhandava (H4), Allegan (H5), and Guareña (H6). 
Log10fO2 values based on the assemblage of olivine + orthopyroxene + metal are 2.19–2.56 log
units below the iron-wüstite (IW) buffer for any equilibration temperature between 740 and 990 °C,
regardless of petrographic type. Only lower limits on fO2 could be determined from spinel + metal
equilibria because of the extremely low concentrations of Cr in the alloys of equilibrated H
chondrites (≤3 ppb). Log10fO2 values required by spinel + metal equilibria are inconsistent with those
for olivine + orthopyroxene + metal if equilibration temperatures were at or above those inferred
from olivine-spinel thermometry. This probably indicates that the closure for spinel + metal equilibria
occurred under retrograde conditions at temperatures below ~625 °C for Allegan and Guareña and
below ~660 °C for Avanhandava.
INTRODUCTION
The ordinary chondrites are classified into three
chemically distinct groups, H, L, and LL, each of which is
further subdivided into petrographic types from 3 (least
equilibrated) to 6 (most intensely metamorphosed) based on
textures and the degree of chemical homogeneity of the
constituent phases (Van Schmus and Wood 1967).
Constraining the metamorphic conditions experienced by
these meteorites is fundamental to understanding the thermal,
chemical, and structural histories of their parent bodies (e.g.,
Miyamoto et al. 1981; McSween and Labotka 1993; Bennett
and McSween 1996; Young 2001). In addition to temperature,
oxygen fugacity (fO2) is a key measure of physical conditions
during metamorphism: the presence of Fe-rich metal in
ordinary chondrites requires reducing conditions, and
increases in the ratio of oxidized to metallic iron from H to L
to LL chondrites have long been used to infer corresponding
increases in fO2 (e.g., Fredriksson et al. 1968; Dodd 1969). In
addition, variations in fO2 within each chondrite group have
been inferred based on systematic changes in the
compositions and abundances of FeO-bearing phases (e.g.,
Fredriksson et al. 1968; Dodd 1969; Rubin et al. 1988;
McSween and Labotka 1993).
In several studies, oxygen fugacity has been either
calculated or measured explicitly. Based on these studies,
there is general agreement that fO2s during metamorphism of
ordinary chondrites were below those of the iron-wüstite (IW)
buffer, but the results are inconsistent in a number of
important details. For example, Brett and Sato (1984) and
Williams (1971b) obtained oxygen fugacities about one log
unit below IW (IW − 1), while McSween and Labotka (1993)
determined fO2s of ~IW – 3. Differences at this level are
significant and have a dramatic effect on the results of
calculations of fluid evolution in the parent body (Hashizume
and Sugiura 1997). The issue of whether these meteorites
were open or closed with respect to oxygen during
metamorphism is also unresolved. For example, based on
intrinsic fO2 measurements, Brett and Sato (1984) found that
increasing intensity of metamorphism in equilibrated ordinary
chondrites was accompanied by decreasing fO2 relative to the
IW buffer, while Walter and Doan (1969), McSween and
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Labotka (1993), and Gastineau-Lyons et al. (2002) used
geochemical arguments to support the idea that progressive
metamorphism was characterized by increasing fO2 relative to
IW and increasing oxygen contents of the rocks. These
proposed shifts in fO2 and/or oxygen content are, however,
subtle, and resolving which are correct requires accurate
determinations of fO2.
In this paper, we evaluate the conditions experienced by
equilibrated H chondrites through application of olivine +
orthopyroxene + metal and spinel + metal oxygen barometry.
First, we determine chromite activities in spinels with
compositions that approximate those in equilibrated ordinary
chondrites using a technique developed by Kessel et al.
(2003). Then we evaluate temperature-oxygen fugacity
relationships in equilibrated H chondrites based on these
activity-composition relationships for spinels, activity-
composition relationships for other phases from the
literature, and the compositions of coexisting phases in H
chondrites.
METHODS 
Starting Materials 
Kessel et al. (2003) described an experimental method
based on oxide + metal equilibration (following Chamberlin
et al. 1994) by which the activity of chromite in
multicomponent spinels can be determined by equilibrating
spinels with Pt-rich alloys at controlled temperature and
oxygen fugacity. In this study, we used this technique to
determine the activity of chromite in multicomponent spinels
with compositions that correspond to those in ordinary
chondrites.
Six spinel end members (chromite [FeCr2O4],
picrochromite [MgCr2O4], ulvöspinel [Fe2TiO4], qandilite
[Mg2TiO4], hercynite [FeAl2O4], and spinel [MgAl2O4])
were synthesized from end member oxides. The synthesis
procedures for chromite and picrochromite are described in
Kessel et al. (2003). Ulvöspinel was prepared following
procedures similar to those of Senderov et al. (1993):
Reagent grade powders of Fe2O3 (JMC Puratronic) and TiO2
(JMC Puratronic) were weighed out in the stoichiometric
ratio and ground in an automated alumina mortar under
ethanol for ~7 hr; the resulting mixture was pressed into 13
mm-diameter pellets, placed inside an alumina crucible, and
suspended in the hot spot of a vertical furnace in flowing H2-
CO2 gas at 1300 °C and log10fO2 = −10.5 for 45 hr. Qandilite
was prepared following the procedure of Sugimoto et al.
(1997): reagent grade MgO (JMC Puratronic) was held in an
alumina crucible in air at 1000 °C for 40 hr and then ground
together with TiO2 in the stoichiometric ratio in an automated
alumina mortar under ethanol for ~6 hr; the mixture was then
pressed into 13 mm-diameter pellets, placed inside an
alumina crucible, and held at 1300 °C in air for 48 hr.
Hercynite was prepared following the procedure of Petric et
al. (1981): reagent grade powders of Fe2O3 (JMC Puratronic),
Fe (Alfa® ÆSAR Puratronic), and Al2O3 (JMC Puratronic)
were ground in stoichiometric proportions in an automated
alumina mortar under ethanol for ~6 hr; the mixture was
pressed into 7 mm-diameter pellets, placed inside loosely
capped alumina ceramic cylinders, sealed inside an evacuated
quartz tube, and then heated at 1100 °C for 4 days.
Procedures for preparation of MgAl2O4 spinel were similar to
those described in Mattioli et al. (1987): reagent grade MgO
(JMC Puratronic) was heated in an alumina crucible at
1000 °C for 40 hr and then ground together with reagent
grade Al2O3 (JMC Puratronic) in the stoichiometric ratio in
an automated alumina mortar under ethanol for ~6 hr; the
mixture was pressed into 13 mm-diameter pellets, placed on
Pt foil inside an alumina boat, and inserted into a horizontal
furnace for 48 hr at 800 °C in air; the furnace temperature
was then increased to 1400 °C, and the sample was held at
this temperature for an additional 48 hr.
Homogeneity of the products and the degree to which
oxides were converted to spinel end members were
determined using X-ray diffraction, scanning electron
microscopy, and electron microprobe analyses of the
synthesized spinels. The properties of the chromite and
pichrochromite are discussed in Kessel et al. (2003). For two
batches of ulvöspinel, the lattice parameter, ao = 8.5126–
8.5203 Å, is consistent with a stoichiometric ulvöspinel
standard (8.5352 Å for NBS standard 25,20,61). The lattice
parameters for two batches of qandilite, ao = 8.4256–8.4351 Å
(versus 8.4409 Å for NBS standard 25,12,25), one batch of
hercynite, ao = 8.1456 Å (versus 8.1534 Å for NBS standard
25,19,48), and one batch of spinel, ao = 8.0811 Å (versus
8.08314 Å for NBS standard 25,9,25), are also consistent with
literature data.
Figure 1 shows concentrations of picrochromite,
hercynite, and MgAl2O4 spinel versus chromite content in
spinels from H3–H6 chondrites based on data from the
literature. Spinels in L and LL chondrites exhibit similar
trends. The range of spinel compositions generally decreases
with increasing petrographic type (e.g., 1σ on the mole
fraction of chromite in spinels from H chondrites shown in
Fig. 1 is 0.170 for H3, 0.027 for H4, 0.034 for H5, and 0.002
for H6), similar to what has been observed for olivines and
pyroxenes in ordinary chondrites (e.g., Brearley and Jones
1998; Van Schmus and Wood 1967). No systematic shifts in
average spinel composition were observed with increasing
petrographic type, as is also the case for silicates in H
chondrites (Brearley and Jones 1998).
Five spinel compositions were synthesized to capture the
overall features of the observed compositional trend of spinels
in H chondrites; these are shown as filled dark circles in Fig. 1,
labeled OCa-OCe. One composition, OCa, is pure chromite,
and the other four (i.e., OCb-OCe) are multicomponent
spinels. The four multicomponent spinel compositions were
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Fig. 1. Composition of spinels in H chondrites as a function of chromite content. Data sources: Buseck and Keil 1966; Bunch et al. 1967;
Snetsinger et al. 1967; Keil and Fodor 1980; Bischoff and Keil 1983; Bischoff et al. 1989; Johnson and Prinz 1991; Ikeda et al. 1997;
Zinovieva et al. 1997; Kleinschrot and Okrusch 1999; Kessel et al. 2004; and this study (gray filled symbols). Also shown (filled dark circles
labeled OCa–e) are compositions of spinels used in the experiments: a) chromite-picrochromite; b) chromite-hercynite; c) chromite-spinel.
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prepared by mechanically mixing the six spinel end members,
described above, in appropriate proportions under ethanol for
2 hr using an automated alumina mortar. Each mix was then
pressed into 13 mm-diameter pellets, placed inside an alumina
crucible, and suspended from a sample holder at the hot spot
of a vertical furnace in flowing H2-CO2 gas at 1300 °C and
log10fO2 = −10.8 (IW – 0.07). After 120 hr, the alumina
crucibles were raised up in the gas flow into the cold region
near the top of the furnace and allowed to cool. The pellets
were taken out of the crucible and reground to produce the
starting material used for the experiments. The homogeneity of
the resultant starting materials and the degree to which the end
members were converted to the desired spinels were
determined using a Scintag Pad-V X-ray diffractometer and
electron microprobe analyses. The spinel compositions, which
agree within uncertainties with the target values, are reported
in the columns labeled “Initial” in Table 1.
Experiments and Analytical Procedures
The experimental setup and calibration procedures are
described in detail by Kessel et al. (2001, 2003). All of the
experiments were conducted at 1300 °C and 1 atm in a
Deltech DT-31 furnace or a home-built MoSi2 furnace, both
with gas-mixing capabilities. The oxygen fugacity was set by
mixing CO2 and H2 and measured using an yttria-doped-
zirconia solid electrolyte oxygen sensor (SIRO2®, Ceramic
Oxide Fabricators, Ltd., Australia) with an uncertainty of
±0.05 log units. Temperature was measured using a Pt-
Pt90Rh10 thermocouple and is estimated to be accurate to
within ±3 °C. In each experiment, seven crucibles made from
0.625 cm diameter, 10 mm long Al2O3 rods (Vesuvius
McDanel) were suspended in the vicinity of the furnace hot
spot. One crucible contained a pellet of Cr2O3 (6 mm in
diameter, 1 mm thick) pressed around three pieces of pure Pt
wire (3–5 mm long, 75 µm-diameter wire [99.9999%, Alfa®
ÆSAR]). A second crucible contained a pellet of FeCr2O4 +
Cr2O3, and a third contained a pellet of FeCr2O4. The results
of experiments in these systems are given in Kessel et al.
(2003) as part of a larger set of experiments and were used to
model the thermodynamic properties of Pt-Fe-Cr alloys. Each
of the remaining four crucibles contained two pellets of one of
the synthesized multicomponent spinels, one of which was
pressed around two Pt-Fe wires with Pt/Fe lower than
expected for the equilibrium value, and the other was pressed
around two wires with Pt/Fe higher than this expected value.
Experiments were conducted for 8–14 days to ensure
equilibrium of the Pt-alloys with the surrounding oxides (see
discussion in Kessel et al. [2003]) and were terminated by
raising the crucibles into the cold region of the furnace under
Table 1. Compositions of experimental spinels.a
OCbb OCc OCd OCe
Nominal Initialc Finald Nominal Initial Final Nominal Initial Final Nominal Initial Final
Ne – 9 28 – 9 28 – 9 25 – 9 28
FeOf 30.59 30.38(33)g 29.37(116) 30.18 30.16(223) 29.28(124) 28.60 29.39(45) 27.72(62) 24.17 25.38(33) 24.27(57)
MgO 1.78 1.68(3) 1.87(16) 2.40 2.20(43) 2.61(42) 3.62 3.50(34) 3.71(27) 6.55 6.37(45) 6.37(32)
Al2O3 2.83 3.27(66) 3.45(61) 5.93 6.01(92) 6.17(31) 6.51 6.49(92) 6.60(22) 6.03 5.97(33) 6.08(38)
Cr2O3 62.58 62.49(94) 63.32(121) 59.19 59.46(235) 59.83(89) 58.74 58.07(169) 59.63(51) 60.89 59.66(78) 61.09(53)
TiO2 2.23 2.19(30) 1.99(29) 2.31 2.18(66) 2.11(27) 2.53 2.55(61) 2.34(33) 2.35 2.62(36) 2.19(29)
Cations per formula unit of 4 oxygens
Fe 0.93 0.92(1) 0.89(3) 0.90 0.88(4) 0.87(2) 0.84 0.86(1) 0.81(2) 0.70 0.72(1) 0.70(2)
Mg 0.10 0.09(0) 0.10(1) 0.13 0.12(2) 0.14(2) 0.19 0.18(2) 0.19(1) 0.34 0.33(2) 0.33(2)
Al 0.12 0.14(3) 0.15(3) 0.25 0.25(4) 0.26(1) 0.27 0.27(4) 0.27(1) 0.25 0.24(1) 0.25(2)
Cr 1.79 1.79(3) 1.81(4) 1.66 1.67(7) 1.68(3) 1.63 1.62(5) 1.66(2) 1.66 1.63(3) 1.67(2)
Ti 0.06 0.06(1) 0.05(1) 0.06 0.06(2) 0.06(1) 0.07 0.07(2) – 0.06 0.07(1) 0.06(1)
Mole fraction of end member spinelh
Ulv 0.054 0.053(7) 0.047(6) 0.054 0.050(15) 0.047(6) 0.054 0.055(13) 0.048(8) 0.040 0.046(7) 0.038(5)
Chr 0.803 0.796(17) 0.787(14) 0.718 0.719(36) 0.707(18) 0.661 0.660(29) 0.647(22) 0.566 0.555(18) 0.560(12)
Her 0.054 0.062(12) 0.064(12) 0.109 0.108(14) 0.109(6) 0.110 0.110(15) 0.106(7) 0.081 0.083(5) 0.083(5)
PChr 0.078 0.078(2) 0.090(8) 0.100 0.095(18) 0.112(17) 0.140 0.140(11) 0.160(26) 0.253 0.253(15) 0.262(11)
Qan 0.005 0.005(1) 0.005(1) 0.006 0.007(2) 0.008(1) 0.012 0.012(3) 0.012(2) 0.020 0.021(2) 0.018(2)
Sp 0.006 0.006(1) 0.007(1) 0.013 0.015(4) 0.017(2) 0.022 0.023(4) 0.026(3) 0.040 0.038(4) 0.039(3)
Mgt 0.000 0.000(0) 0.000(0) 0.000 0.007(16) 0.000(0) 0.000 0.000(0) 0.000(0) 0.000 0.004(8) 0.000(0)
aCompositions are normalized to 100 wt%.
bOCb–e refer to the spinel compositions chosen to represent the composition trend in H chondrites as shown in Fig. 1. Data for OCa, which is pure chromite, are given in
Kessel et al. (2003).
cCompositions of spinel after syntheses and before equilibration with Pt-alloys.
dCompositions of spinel after experiments. Values are average of analyses of oxides from one experiment for each run condition given in Table 3.
eTotal number of analyses. Points were analyzed randomly on grains in the vicinity of the Pt-alloys.
fAll Fe expressed as FeO.
gNumbers enclosed in parentheses indicate one standard deviation of the distribution of average grain compositions.
hMole fractions of end member ulvöspinel (Uvl), chromite (Chr), hercynite (Her), picrochromite (PChr), qandilite (Qan), spinel (Sp), and magnetite (Mgt) were calculated
based on mass and charge balance.
The activity of chromite in multicomponent spinels 1291
the flowing gas mixture. Once cooled, samples were removed
from the furnace. A small piece of each pellet containing a Pt-
alloy surrounded by oxides was mounted in epoxy to allow
examination of oxide textures and compositions in the vicinity
of the Pt-alloy. The second wire from each pellet was
physically separated from the adjacent oxides and mounted
such that a cross section of the wire was exposed. This sample
was used to determine alloy composition and check for
homogeneity across the wire. Alumina-impregnated papers
were used to expose the wires and oxides, and diamond
powder (<0.25 µm) was used to produce the final polished
surfaces.
Phase compositions were determined using a JEOL733
Superprobe at Caltech following procedures described in
Kessel et al. (2003). Spinels in the vicinity of the wires were
analyzed for Fe, Cr, Ti, Mg, and Al, and Pt-alloys were
analyzed for Pt, Fe, Cr, Ti, Mg, and Al. Magnesium
(<40 ppm), Al (<30 ppm), and Ti (<100 ppm) in the alloys
were below the detection limit in all experiments. 
Meteoritic Samples and Analyses
In addition to our experiments, we studied three
equilibrated ordinary chondrites: Avanhandava (H4), Allegan
(H5), and Guareña (H6). All are unbrecciated falls
characterized by low (≤S2) shock intensity (Grady 2000). The
thin sections we examined (USNM 6882-1, USNM 953-2,
and USNM 69-1, respectively) are the same thin sections
included in the study of oxygen fugacity by H. Y. McSween
and coworkers (2001, private communication). Four to seven
contacting metal-spinel pairs in each thin section were located
by SEM examination.
Silicates and Oxides
Olivine and pyroxene were always in contact with the
spinel and metal grains. Spinel, olivine, and pyroxene were
analyzed by electron probe using the same operating
conditions used by Kessel et al. (2003). Spinels were analyzed
for Fe, Cr, Mg, Al, Ti, Mn, Si, Ca, V, and Ni using Fe2O3,
Cr2O3, MgAl2O4 (for both Mg and Al), TiO2, Mn-olivine,
anorthite (for both Si and Ca), V2O3, and NiO as standards.
Silicon (<80 ppm), Ca (<120 ppm), and Ni (<430 ppm) were
below detection limits. Olivines were analyzed for the same
elements using fayalite, Cr2O3, forsterite (for both Mg and
Si), anorthite, TiO2, Mn-olivine, V2O3, and Ni-olivine as
standards. Aluminum (<70 ppm), Ti (<260 ppm), Ca
(<120 ppm), V (<270 ppm), and Ni (<430 ppm) were below
detection limits. The same standards were used for pyroxene
except that diopside was used for Si. Nickel (<430 ppm) and
V (<270 ppm) were below detection limits. 
The average compositions of spinel, olivine, and pyroxene
are given in Table 2, and a compilation of all analyses is
available from the authors. Olivine in all of the meteorites is
forsteritic and the average mole fraction of fayalite (Fe2SiO4,
Fa) of all grains analyzed in all the meteorites is 0.180 ± 0.003
(1σ). The dominant pyroxene is a low-Ca pyroxene; the
average mole fractions of enstatite and wollastonite are 0.816
± 0.003 and 0.0131 ± 0.0003 for the meteorites studied in this
work. High-Ca pyroxene is present but rare. The chromite
(FeCr2O4, Chr) contents of spinels in the H meteorites studied
here are in the range 0.670 ± 0.005, similar in composition to
the OCd synthetic multicomponent spinel (Fig. 1).
Metallic Phases
Most of the selected metal grains appear in the polished
surface of the thin section as kamacite surrounded by spinel
and silicates. However, SEM examination showed that one or
two metal grains in each meteorite, although mainly composed
of kamacite, have a thin taenite zone close to the rim, and one
grain in Avanhandava was composed entirely of taenite.
Chromium contents of metal grains were analyzed using
a Cameca IMS 6f ion microprobe at Arizona State University.
Table 2. Mineral compositions (wt%) in the equilibrated ordinary chondrites studied in this work.a
Avanhandava (H4) Allegan (H5) Guareña (H6)
Olivine Pyroxene Spinel Olivine Pyroxene Spinel Olivine Pyroxene Spinel
Nb 5/15 6/26 6/41 4/17 6/34 7/32 8/30 8/40 8/41
SiO2 39.84(27)c 56.48(29) B.D.L.d 39.65(61) 56.35(64) B.D.L. 39.22(9) 56.05(15) B.D.L.
TiO2 B.D.L. 0.16(3) 1.54(13) B.D.L. 0.19(1) 1.82(26) B.D.L. 0.19(2) 2.02(14)
Cr2O3 0.04(3) 0.30(29) 57.00(43) 0.11(10) 0.36(17) 56.32(128) 0.31(29) 0.36(12) 56.86(47)
V2O3 B.D.L. B.D.L. 0.71(2) B.D.L. B.D.L. 0.69(4) B.D.L. B.D.L. 0.70(3)
Al2O3 B.D.L. 0.31(26) 6.64(20) B.D.L. 0.18(3) 6.90(59) B.D.L. 0.17(1) 6.59(16)
FeOe 16.86(38) 11.05(41) 28.39(31) 16.07(22) 10.50(18) 27.76(32) 17.00(69) 11.23(8) 28.42(35)
MgO 43.25(21) 30.92(33) 3.21(19) 43.72(104) 31.10(55) 3.23(33) 42.45(56) 30.29(11) 3.24(21)
MnO 0.45(2) 0.50(1) 0.96(3) 0.47(2) 0.48(1) 1.01(4) 0.45(2) 0.50(2) 0.91(6)
CaO B.D.L. 0.68(9) B.D.L. B.D.L. 0.70(4) B.D.L. B.D.L. 0.68(7) B.D.L.
Total 100.44 100.40 98.45 100.02 99.85 97.73 99.43 99.47 98.74
aIndividual results are available upon request from the authors.
bx/y refers to the number of grains analyzed (x) and the total number of analyses (y). Points were analyzed randomly in the central region of grains.
cNumbers enclosed in parentheses indicate one standard deviation of the distribution of average grain compositions.
dB.D.L. = below detection limit.
eAll Fe expressed as FeO.
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A focused O− primary beam was used to sputter 56Fe+ and
52Cr+ ions from the metal grains in the carbon coated thin
sections. A 20 × 20 µm area was first presputtered for 20 min
with a 3 nA ion current to eliminate surface Cr contamination.
Then, a 0.5 nA beam was focused in the center of the rastered
area, masked by a field aperature, and the spot measured for
30 min. The secondary 0.07 ion mass spectrometer was
operated at a mass resolving power of ~4800, sufficient to
exclude contributions from 51VH+ on 52Cr and 55MnH+ on
56Fe. Data were corrected for electron-multiplier deadtime
and a background count-rate of about 0.008 cps. Three Fe
wires with Cr contents ranging from 100–976 ppm Cr,
determined using the electron microprobe, were used as
standards. Although the beam diameter was nominally 1–
2 µm, the halo extended 10–15 µm away from the beam in all
directions with intensity sufficient to contribute Cr ions from
high-Cr phases. Thus, all data were collected at least ~20 µm
from the edges of the metal grains. Traverses were taken
across three kamacite grains in Allegan and Guareña.
Rimming taenite was coarse enough to analyze in two grains
from each meteorite. In Avanhandava, only kamacite (2
grains) was analyzed. The Cr content was found to be at or
below the detection limit of ~3 ppb in all analyses from all
three meteorites. 
For metal in equilibrated H chondrites, it is the bulk
composition at high temperature that is important for oxygen
barometry because the coexisting kamacite and taenite
compositions reflect later low temperature exsolution (e.g.,
Willis and Goldstein 1983). The bulk composition data of
Jarosewich (1990) for the metallic fraction of unaltered
equilibrated H chondrites average 9.6 wt% Ni; Afiattalab and
Wasson (1980) obtained 10.2% Ni based on mass balance
calculations; and Willis and Goldstein (1983) similarly
estimated 10% Ni for metal from Guareña (H6), which is
among the meteorites we studied. Bulk alloy compositions
may increase during metamorphism by up to 0.5 wt% Ni (e.g.,
McSween and Labotka 1993), but this effect is within the
error of determining the mean Ni content. For constraining
the fO2 prevailing close to peak metamorphic conditions, we
assume a bulk concentration of 10 wt% Ni in the metallic
phase. Since Cr contents are below the detection limit in both
kamacite and taenite analyzed in the meteorites in this study,
we assume an upper limit of 3 ppb Cr in the bulk metal phase
at the closure temperature. Zanda et al. (1994) and Lauretta et
al. (2001) inferred far higher concentrations of Cr in
chondrule metal from unequilibrated chondrites (0.03–1.0
wt%), but these concentrations reflect the partitioning of Cr
between silicate liquids and metal- and/or sulfide-rich liquids
at higher temperatures during and immediately following
chondrule formation in the solar nebula. Concentrations of Cr
in metal from the equilibrated ordinary chondrites considered
here refer to metamorphic conditions within the parent bodies
as discussed below. The Co content in bulk metal in H
chondrites is less than 0.5 wt% (Afiattalab and Wasson 1980),
and as discussed below, its effects on Fe and Cr activities in
the metal are small.
RESULTS 
Activity-Composition Relationship of Chromite in
Multicomponent Spinels 
The experimental conditions and results for each set of
experiments are listed in Table 3. Experiments were
conducted at 1300 °C and 1 bar, with oxygen fugacities
ranging from log10fO2 = −11.63 to −9.22, which corresponds
to −0.9 to +1.5 log units relative to the IW buffer. As
described above, each of the two spinel-bearing pellets in
each crucible was pressed around two Pt-Fe wires. One pellet
in each crucible contained wires with an initial Pt/Fe ratio
higher than the expected equilibrium value, and the other
pellet contained wires with an initial Pt/Fe ratio lower than the
expected equilibrium value. By starting with Pt/Fe ratios
above and below the expected equilibrium alloy composition,
we were able to bracket the equilibrium value by approaching
it from two directions simultaneously.
The mole fractions of Cr and Fe in the alloys, 
and , were calculated from the measured wt% Cr and
Fe by averaging three to five analyses done on the wires
separated from the oxides in each pellet. The uncertainties
were calculated as the standard deviation of the distribution of
measured alloy compositions from each wire. The initial and
equilibrium Pt-alloy compositions are given in Table 3. In
~60% of the cases, Pt-alloys at a given fO2 and spinel
composition converged to the same composition within 1σ,
and all are within 2σ, giving us considerable confidence that
equilibrium was closely approached during our experiments.
The composition of spinel in equilibrium with each Pt-alloy
was determined by analyzing spinels in the vicinity of the
wires (Table 1). These “final” spinel compositions agree with
the “initial” spinel compositions within 2σ, although Fe/Cr is
consistently slightly lower.
The equilibrium between a Pt-Fe-Cr alloy and a Cr-
bearing spinel in the presence of an oxygen-bearing vapor can
be represented by the reaction:
(1a)
The free energy of reaction for Equation 1a can be expanded
in terms of component activities and solved for the activity of
chromite in the spinel, , yielding:
(1b)
In Equation 1b,  refers to the activity of component i in
phase j, R is the gas constant, T is the temperature in Kelvin,
and  is the free energy of formation of FeCr2O4 from the
elements. If , , and  are known, then the
XCr
PtFeCr
XFe
PtFeCr
Fealloy 2Cralloy 2O2+ + FeCr2O4
spinel=
aFeCr2O4
spinel
aFeCr2O4
spinel ∆– Glo RT⁄( ) aFealloy( ) aCralloy( )2 fO2( )2exp=
ai
j
∆Glo ∆Glo aFePtFeCr aCrPtFeCr
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activity of chromite can be computed for an experiment from
Equation 1b given the run conditions. We used  and the
Pt-Fe-Cr alloy activity model of Kessel et al. (2003) to
calculate  for each spinel composition in each of our
experiments based on the known temperature, fO2, and alloy
composition. The chromite activities and activity coefficients
for alloys obtained through the identity , where
 is the mole fraction of component i in phase j, are given in
Table 3. In Fig. 2, is shown as a function of
. Errors (1σ) on calculated using
Equation 1b are 14–20% based on propagating the errors on
temperature, fO2, and alloy composition.
Also shown in Fig. 2 are activities calculated using
MELTS (Ghiorso and Sack 1995) for spinel compositions
examined in this study. The MELTS-calculated values at
1300 °C are directly comparable to our experiments and are
in excellent agreement with our results. The values at 800 °C
represent the corresponding activity-composition
relationships according to MELTS at temperatures relevant to
near-peak metamorphic temperatures of equilibrated ordinary
chondrites (McSween and Patchen 1989; Kessel et al. 2002,
Forthcoming). Wiser and Wood (1991), Von Seckendorff and
O’Neill (1993), and O’Neill et al. (2003) among others have
pointed out that the olivine model in MELTS may be
considerably more non-ideal than it should be, and there
continue to be improvements in thermodynamic data for end
member phases such as chromite and picrochromite that are
relevant to the present study (e.g., Klemme et al. 2000; Kessel
et al. 2003) but are not yet incorporated into MELTS.
Nevertheless, based on the results reported here and
comparisons of predictions based on various models in the
literature for olivine-spinel equilibria (e.g., Fabriès 1979;
Engi 1983; Ballhaus et al. 1991; Sack and Ghiorso 1991a, b;
Andersen et al. 1993) applied to experimental (e.g., Engi
1983; Thy et al. 1991) and natural (Fodor et al. 2002)
systems, details of which are published elsewhere (Kessel et
al. 2002, Forthcoming), we conclude that MELTS currently
provides the best overall performance for spinel-based phase
equilibria in equilibrated ordinary chondrites.
Oxygen Fugacity During Metamorphism of Ordinary
Chondrites
In this section, we take two approaches to constraining
conditions during metamorphism of ordinary chondrites.
First, we use limits imposed by the coexistence of alloy,
∆Glo
aFeCr2O4
spinel
γij aij Xij⁄=
Xi
j
aFeCr2O4
spinel
XFeCr2O4
spinel aFeCr2O4
spinel
Fig. 2. Activity of chromite in spinels with compositions that represent equilibrated H chondrites as a function of . Results of
experiments from this study are represented by symbols with individual error bars (1σ). The solid thick line represents a 1:1 line, and the solid
triangles represent activity-composition relationships calculated for our spinel compositions using the MELTS program (Ghiorso and Sack
1995) at 1300 °C and 800 °C displaced by 0.02 mole fractions of chromite for clarity.
XFeCr2O4
spinel
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orthopyroxene, and olivine to constrain possible values of
temperature and fO2. The proposed conditions for
equilibrated ordinary chondrites must be consistent with these
limits. Then, we calculate explicitly the T-fO2 conditions
experienced by equilibrated H chondrites during
metamorphism based on the olivine + orthopyroxene + metal
and spinel + metal phase assemblages.
Activities of components in the metal phase were
calculated using the Fe-Ni-Cr model of Miettinen (1999). As
discussed above, we assume a bulk value of 10 wt% Ni.
Taenite is the stable phase in such a Fe-Ni alloy at
temperatures above 728 °C. Below 728 °C, taenite
precipitates kamacite, and the partitioning of elements
between these two phases must be taken into account. For
temperatures lower than 728 °C, we partitioned Ni between
kamacite and taenite using the model of Miettinen (1999),
which is consistent with the Fe-Ni phase diagram of Reuter et
al. (1989). Note that, in an ideal binary Fe-Ni system,
uncertainties in the bulk Ni content of the metallic phase have
no effect on alloy compositions below the appearance
temperature of kamacite because only kamacite/taenite ratios
are affected, not their compositions. The effects of Cr and Co
are negligible because of their low concentrations in the
metal. The temperature at which kamacite begins to exsolve
from the taenite is affected by the bulk Fe/Ni, but this effect is
<10 °C if, as we have assumed, the bulk Ni content is in the
range of 9.6–10.2 wt%. The use of a model for Fe-Ni-Cr
ignores other minor components, most notably Co. The Co
content of bulk metal in H chondrites is less than 0.5 wt%
(Afiattalab and Wasson 1980). Since Raoult’s law holds in the
Fe-Co and Ni-Co binaries, the small amount of Co has little
effect on the activity coefficients of Fe and Ni in the ternary
(e.g., Fernández-Guillermet 1989), so our neglect of the
effects of Co on the alloy thermochemistry does not introduce
significant errors into calculations of fO2.
We used the MELTS program (Ghiorso and Sack 1995)
to calculate the activity of chromite in spinel at lower
temperatures (<1000 °C; e.g., Dodd 1981; McSween and
Patchen 1989; Kessel et al. 2002, Forthcoming) relevant to
metamorphic conditions on the ordinary chondrite parent
body. For consistency, activities of components in olivine and
orthopyroxene were also calculated using MELTS based on
measured mineral compositions. MELTS was also used to
calculate the equilibrium constants for both reactions from the
free energy of formation of the end members. Since free
energies at elevated temperatures given by MELTS are
relative to the elements at 298.15 K and 1 bar, it was first
necessary to recalculate them relative to the stable elements at
the temperature of interest and 1 bar. To be consistent with the
reference state used by Miettinen (1999) for Fe-Ni-Cr alloys,
we used Dinsdale’s (1991) equations and a procedure similar
to that described in Kessel et al. (2001) to revise the standard
state of the elements for MELTS phases from 298.15 K to the
temperature of interest.
The partitioning of Fe and Mg between olivine and spinel
is temperature sensitive (e.g., Irvine 1965; Jackson 1969;
Kessel et al. 2002, Forthcoming), and we used the
thermodynamic model of Sack and Ghiorso (1991a, b) to
express the equilibrium between these two phases by equating
Fe-Mg exchange potentials. We chose the formulation of
Sack and Ghiorso because based on comparison with
experimental data, and when applied to natural systems, we
conclude that it more accurately recovers these data than do
other calibrations. Also, closure temperatures based on the
MELTS calculation from olivine-spinel pairs are generally
consistent with results based on other mineral assemblages
(Kessel et al. 2002; Von Seckendorff and O’Neill 1993). For
the three H4–6 chondrites included in this study, olivine-
spinel equilibration temperatures vary little. Although there
are subtle increases in minimum (677 → 741 °C), average
(717 → 743 °C), and maximum (739 → 766 °C) temperatures
with increasing petrographic type (Kessel et al. 2002,
Forthcoming), they are small relative to the uncertainties in
the olivine-spinel thermometer, and the temperature ranges
overlap for all the H chondrites studied. Our results indicate
peak temperatures for H4–6 chondrites of at least ~740 °C,
regardless of petrographic type. The calculated olivine-spinel
equilibration temperature in each meteorite allows us to
constrain the corresponding fO2. 
Constraints Based on the Stability Limit of Orthopyroxene
Equilibrated ordinary chondrites are largely composed of
olivine plus orthopyroxene with variable amounts of metal,
sulfide, phosphate, feldspar, ilmenite, spinel, and
clinopyroxene. If orthopyroxene in the presence of metal
becomes too Fe-rich, it will break down, producing quartz and
fayalitic olivine. Free silica is occasionally observed in
equilibrated ordinary chondrites surrounded by a corona of
Ca-poor and Ca-rich pyroxenes (e.g., Binns 1967; Olsen et al.
1981; Wlotzka and Fredriksson 1980; Brändstatter and Kurat
1985). These objects probably reflect the reaction of silica-
rich glasses, which constitute ~1% of chondrules in highly
unequilibrated ordinary chondrites (Brearley and Jones
1998), with olivine from the surrounding matrix to form
pyroxenes (Olsen et al. 1981). This is clearly a non-
equilibrium assemblage, as the pyroxene and silica are not in
isotopic equilibrium (Olsen et al. 1981). Since there is no
evidence for free silica in equilibrated ordinary chondrites
that plausibly formed through the equilibrium decomposition
of pyroxene (pyroxene is produced and silica consumed by
corona formation), we conclude that the metamorphic
conditions for equilibrated ordinary chondrites were on the
reducing side of pyroxene breakdown to form silica and
fayalitic olivine. In the following paragraphs, we consider the
quantitative implications of this on T-fO2 conditions for
equilibrated ordinary chondrites.
Consider the stability of coexisting orthopyroxene,
olivine, and metal. We assume that olivine composition is
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well-described by the binary forsterite-fayalite and that
orthopyroxene composition is well-described by enstatite-
ferrosilite. The equilibrium:
 (2a)
is operative, from which an expression for fO2 can be
obtained:
 (2b)
Equilibrium 2a can be combined with a corresponding
equation for equilibrium Fe-Mg exchange between olivine
and orthopyroxene:
(3)
Orthopyroxene compositions in equilibrium with olivine and
metal in the Fe-Ni-Mg-Si-O system are shown for a set of
isotherms in Fig. 3 for a bulk alloy containing 10 wt% Ni and
neglecting Ni solubility in the silicates. Larimer (1968)
experimentally studied the distribution of Fe between metal,
olivine, and pyroxene as a function of fO2 and temperature and
gave a similar diagram for olivine compositions in the Ni-free
case. From Fig. 3, the orthopyroxene becomes progressively
more Fe-rich as the oxygen fugacity is increased at any given
temperature. This cannot continue all the way to ferrosilite,
however, because, for the low total pressures relevant to
asteroidal sized bodies, Fe-rich orthopyroxenes break down to
form olivine plus quartz. We calculated the composition of the
pyroxene at 1 bar for which this occurs through the equilibrium
constant for the reaction:
and display the results in Fig. 3 by truncating isotherms at the
limiting oxygen fugacities and Fe content in orthopyroxene
above which the orthopyroxene is unstable. Superimposed on
the 1100 and 1200 °C isotherms are experimental results by
Larimer (1968) and Nafziger and Muan (1967) showing good
agreement with our calculations. The range of orthopyroxene
compositions found in equilibrated ordinary chondrites
Fealloy FeSiO3
pyroxene 1
2--O2+ + Fe2SiO4
olivine=
fO2
aFeSi2O4
olivine
∆G2o RT⁄–[ ]aFealloyaFeSiO3pyroxeneexp
-------------------------------------------------------------------------  
  2
=
Mg2SiO4
olivine 2FeSiO3
pyroxene+
Fe2SiO4
olivine 2MgSiO3
pyroxene+=
2FeSiO3
pyroxene SiO2
quartz Fe2SiO4
olivine+=
Fig. 3. Orthopyroxene (OPX) composition in equilibrium with olivine (Ol) and metal with 10 wt% Ni as a function of log10fO2 at a total
pressure of 1 bar and temperature calculated using the program MELTS (Ghiorso and Sack 1995). The isotherms are truncated by the pyroxene
breakdown curve indicating the limiting log10fO2 for the most Fe-rich stable orthopyroxene. Experimental results at 1100 and 1200 °C from
Nafziger and Muan (1967) and Larimer (1968) are also shown. The shaded region represents the range of orthopyroxene compositions found
in equilibrated ordinary chondrites (EOC) taken from Brearley and Jones (1998). See text for further explanation.
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(Brearley and Jones 1998) is also shown for reference.
Proposed metamorphic conditions for equilibrated ordinary
chondrites that are more oxidizing than the orthopyroxene
stability limit are inconsistent with the observed phase
assemblage.
Olivine + Orthopyroxene + Metal Oxygen Barometer
Reaction 2a is the basis for several classic studies of T-
fO2 conditions in ordinary chondrites (e.g., Mueller 1964;
Larimer 1968; Williams 1971b; McSween and Labotka
1993). To determine oxygen fugacity based on this
equilibrium, we used activities of components in the solid
phases calculated from the models of Ghiorso and Sack
(1995) and Miettinen (1999) for each analyzed olivine +
orthopyroxene + metal assemblage. The log10fO2 at a given
temperature was calculated for the equilibrium taenite (either
the single high temperature phase or taenite in equilibrium
with kamacite at lower temperatures at which two metal
phases are stable) consistent with a bulk alloy containing
10 wt% Ni and our measured olivine and orthopyroxene
compositions. Note that calculated values using kamacite
instead of taenite at the lower temperature conditions at which
both metal phases are present are identical as required for
internal consistency of the thermodynamic data. The
calculated log10fO2s for olivine + orthopyroxene + metal
computed at the olivine-spinel equilibration temperatures are
shown in Fig. 4a for each assemblage in each meteorite. The
average log10fO2 based on all assemblages in all meteorites is
IW – 2.51 ± 0.05 (1σ), and all individual results lie in the
range of 2.44–2.62 log units below IW.
At equilibrium at a given temperature, Reaction 3
indicates that olivine and orthopyroxene compositions co-
vary as a function of oxygen fugacity. To check the degree to
which olivine and orthopyroxene reached equilibrium, we
calculated the orthopyroxene composition in equilibrium with
the determined olivine composition at the olivine-spinel
equilibration temperatures for each assemblage in each
meteorite and used this composition to obtain fO2 through
Reaction 2a. The log10fO2s based on assuming olivine and
orthopyroxene are in equilibrium are 0.2–0.3 log units more
oxidizing than values computed based on both mineral
compositions, indicating that both phases are close to
equilibrium.
Note that the inferred fO2 values are so low that they
cannot actually be thought of in terms of a concentration of O2
molecules in a coexisting gas phase; under these
circumstances, the calculated fO2 values may be more
appropriately thought of as a proxy for H2/H2O because
Reaction 2a can be combined with the water oxidation
reaction H2O + H2 = 1/2O2 to give:
Assuming that the partial pressure of H2 during metamorphism
of ordinary chondrites was close to the total vapor pressure, the
inferred oxygen fugacities indicate that the partial pressure of
H2O was roughly 1–3% of the total pressure.
The small range in fO2 around the average may reflect the
small temperature range of olivine-spinel equilibration
temperatures for our suite (677–766 °C). How would these
results change if closure temperatures for olivine-spinel
equilibrium and olivine-pyroxene-alloy equilibrium differed
significantly? There is a correlation between calculated
olivine-spinel temperatures and spinel grain size (Kessel et al.
2002, Forthcoming), with smaller grains generally recording
lower temperatures; this suggests that the olivine-spinel
thermometer records retrograde conditions. Closure
temperatures for olivine-pyroxene-alloy assemblages are not
known, but they are almost certainly higher than for olivine-
spinel assemblages because diffusion of Fe/Mg in
orthopyroxene is slower than in olivine or spinel (Ozawa
1984; Ganguly and Tazzoli 1994; Ganguly et al. 1994) and
because spinels are much smaller than coexisting olivine
grains in equilibrated ordinary chondrites (i.e., reequilibration
of spinel cores should occur to lower temperatures than for
cores of coexisting olivine or pyroxene grains). Note that
although diffusion can take place in the alloys to much lower
temperatures than in the silicates or spinel (Ozawa 1984;
Jönsson 1995), this would not have much of an effect on
calculated fO2 because the Fe/Ni ratio, which dictates the Fe
activity, does not change significantly as a function of
temperature. Therefore, olivine-spinel temperatures based on
core compositions of phases are plausibly lower boundaries
on closure temperatures for the olivine-pyroxene-alloy
oxygen barometer.
An upper limit on temperature can be obtained from two-
pyroxene thermometry, which is thought to approximate peak
metamorphic conditions (Dodd 1981). Based on two-pyroxene
thermometry using the high Ca-limb of the solvus and the
model of Lindsley (1983), Olsen and Bunch (1984) determined
metamorphic temperatures for five type H6 chondrites in the
range of 800–850 °C. Harvey et al. (1993) used the same
thermometer for six H6 chondrites and obtained generally
higher temperatures: 898 ± 86 °C for three Antarctic and 932
± 50 °C for three non-Antarctic samples. Estimates from both
studies exceed those recorded by olivine-spinel equilibration.
The eutectic melting temperature for alloy + troilite in the
system Fe-Ni-S (~990 °C; Chuang et al. 1985; Hsieh et al.
1987) provides another upper limit on peak temperature as
there is no textural evidence for this assemblage having melted
during metamorphism (e.g., Dodd 1981), and chondrite bulk
compositions have no evidence of chalcophile element
depletions consistent with mobilization of a sulfide-rich melt
(e.g., Jarosewich 1990). Taking the maximum olivine-spinel
temperature for each meteorite and 990 °C as extreme limits
for the possible closure temperature for olivine-
orthopyroxene-alloy assemblages, we calculate that oxygen
fugacities for H4–6 chondrites were in the range IW – 2.56 to
Fealloy FeSiO3
pyroxene H2O+ + Fe2SiO4
olivine H2+=
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Fig. 4. Values of log10fO2 as a function of temperature: a) general constraints. The symbols refer to conditions based on individual olivine +
pyroxene + metal assemblages. The dashed curve was determined from an unweighted regression of calculated log10fO2 for these data as a
function of temperature. The light shaded zone represents log10fO2 values constrained by the olivine + pyroxene + metal assemblages at
temperatures above spinel-metal equilibration. The thin solid curves show T-fO2 conditions for spinel in equilibrium with taenite with a Cr
concentration (ppb wt) that is specified adjacent to the curve. Temperature-log10fO2 values inside the shaded region are consistent with
chromite in equilibrium with taenite containing ≤3 ppb Cr. Thick solid curves denoting the iron-wüstite (IW) buffer and the pyroxene
breakdown curves are also shown; b) detail of calculated curves for individual olivine-pyroxene-alloy assemblages. Each curve represents the
log10fO2 determined based on calculated activities of components in the solid phases for analyzed phase compositions at each temperature.
The shaded regions are bands encompassing T-log10fO2 for assemblages in a given meteorite. For each meteorite, curves are truncated at the
maximum olivine-spinel temperature, and the shading envelopes possible T-fO2 conditions experienced by each meteorite. 
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IW – 2.19. For the “reasonable” maximum temperature of
900 °C, the range would be IW – 2.56 to IW – 2.27. Based on
Fig. 4b, there is no trend of increasing or decreasing fO2
relative to IW as a function of metamorphic type as the entire
range of conditions is encompassed by Guareña assemblages
and the average for each metamorphic type referenced to a
constant temperature (e.g., IW – 2.33 for H4, IW – 2.36 for H5,
and IW – 2.32 for H6 at 900 °C) does not vary systematically
with type. 
Our calculations ignore the effect of total pressure (i.e.,
all are referenced to 1 bar), but we can assess the influence of
this parameter on our results. Asteroids of the order of ~50–
100 km diameter are thought to be the parent bodies from
which ordinary chondrites were derived (Rubin et al. 1988;
Wetherill and Chapman 1988). The maximum pressure in
such a body with a density of 3.41 g/cm3 (the average density
of H4–6 falls; Wilkison and Robinson 2000) is therefore 10–
40 bars. For olivine + orthopyroxene + metal assemblages
with constant phase compositions at the calculated olivine-
spinel equilibration temperature, we recalculated component
activities and equilibrium constants (Reaction 2a) at a
pressure of 40 bars. These calculations lead to oxygen
fugacities 0.007 log units more oxidizing at the center of
100 km diameter parent body than they would be at the
surface. Differences at this level are not significant for
deciphering the gross features of the T-log10fO2 relationships
of the ordinary chondrites.
Spinel + Metal Oxygen Barometer
The second equilibrium we examined as a constraint on
fO2 involves the coexistence of spinel and metal as described
by Reaction 1a. In our experiments, temperature and fO2 were
known, and the equilibrium was used to constrain alloy (Kessel
et al. 2001) or chromite (see above and Kessel et al. [2003])
activities. For application to the ordinary chondrites, activities
are calculated as a function of temperature for the coexisting
spinel and metal, and we can then calculate the fO2 for each
meteoritic phase assemblage given a temperature. Since spinels
in the meteorites studied in this work are similar in composition
to the synthesized OCd spinel used in our experiments, we
calculated chromite activities in OCd spinel using MELTS.
Only limiting values of the oxygen fugacity experienced by
equilibrated ordinary chondrites can be obtained from
Reaction 1a, however, because only an upper limit on the
concentration of Cr is available (3 ppb). Taenite provides the
most restrictive constraints on fO2 for a given Cr content.
Chromium preferentially partitions into taenite relative to
kamacite according to the thermodynamic model of Miettinen
(1999) and as confirmed by observed Cr distributions in
taenite-kamacite in unequilibrated ordinary chondrites (e.g.,
Rambaldi et al. 1984). Thus, for the same olivine and pyroxene
compositions and bulk Fe/Ni in the metallic phase, Reaction 1a
leads to a higher limiting fO2 for taenite than it does for
kamacite with the same Cr content. For Allegan and Guareña,
calculations using 3 ppb Cr in taenite are applicable; for
Avahandava, the corresponding lower limits for this meteorite
are more reducing by 0.7 log units for temperatures between
600–800 °C because we analyzed only kamacite.
Temperature-fO2 conditions consistent with observed
spinel compositions in equilibrated H chondrites and the limit
of 3 ppb Cr in taenite are restricted to the darker shaded region
shown in Fig. 4a or its extension to lower temperatures. If the
temperatures determined from olivine-spinel thermometry
were appropriate for spinel + metal equilibria, then fO2s
exceeding those of the pyroxene breakdown reaction would be
required to explain the undetectable Cr contents of the metal
(Fig. 4a). Even if such oxidizing conditions were accepted, the
corresponding compositions of olivine and pyroxene would
bear no resemblance to those observed in equilibrated ordinary
chondrites (see, e.g., Fig. 3). This suggests that closure
temperatures for spinel + metal were, in fact, lower than (and
perhaps much lower than) 700 °C; this is consistent with faster
Cr diffusion in Fe-Ni-Cr alloys compared to Fe/Mg in olivine
and spinel (log10DCr [700 °C] in Fe-Ni-Fe metal is ~−15
[Jönsson 1995]; log10DFe/Mg [700 °C] in olivine and spinel is
~−19 [Ozawa 1984]). Assuming that oxygen fugacities
relevant to spinel + metal equilibration were restricted to the
dashed curve in Fig. 4a, then closure temperatures for spinel +
metal in Allegan and Guareña were below ~625 °C. For
Avahandava, we only determined limiting Cr concentrations in
kamacite, so the limiting temperature based on spinel + metal
is a little higher (~660 °C). 
Our conclusion that closure temperatures for alloy-spinel
equilibration were considerably lower than olivine-spinel rests
on the position of the 3 ppb isopleth in Fig. 4a. For alloy-spinel
temperatures to be the same as those determined from olivine-
spinel thermometry, the 3 ppb Cr isopleth in Fig. 4a would need
to pass through the high temperature end of the olivine-spinel
data. Such a shift would require an 80 kJ/mole adjustment to
the free energy of Reaction 1a with corresponding errors in one
or more of the variables in Equation 1b. Here, we provide a
brief discussion of the possible errors. Values of  are
known to within a few kJ, and replacing the values computed
through MELTS with updated expressions of Klemme et al.
(2000) and Kessel et al. (2003) actually lowers the intersection
of the 3 ppb isopleth and the curve for olivine-spinel by 10
degrees. The well-constrained activities of iron in the alloys
(Miettinen 1999) allow only trivial shifts in the calculated
isopleths. Metallic Cr is a little more problematic. For atomic
Fe/Ni = 9.5, the value of meteoritic interest, Cr is Henrian at
concentrations below 15000 ppb in the temperature range 600–
800 °C, according to the model of Miettinen (1999). It is
possible that a different substitution mechanism pertains to
extremely low Cr concentrations and that the Henry’s law
coefficient determined by Miettinen (1999) does not apply (the
correct activity coefficient would need to be ~50 times higher).
As far as we are aware, however, no such effect has been
demonstrated for Fe-Ni-Cr or any other ferrous alloy.
∆G1o
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Chromite activities are an unlikely source for shifting the
isopleths to higher temperatures. For our highest olivine-spinel
equilibration temperature, a chromite activity of 0.00002
would be required to make the 3 ppb isopleth match the same
T-log10fO2, far lower than experimentally determined values at
higher temperatures (~0.56 at 1300°C for data from this study).
Such low activities for such Cr-rich chromites are inconsistent
with existing chromite-bearing binary spinel phase diagrams
and low temperature galvanic cell measurements. For
example, Jacob and Iyengar (1999) measured chromite
activities in the binary chromite-pichrochromite and showed
that the phase behaves as a regular solution in the temperature
range 777–1077 °C. This means that activities of chromite in
Cr-rich spinels at constant composition are a very weak
function of temperature, changing by just 1 or 2% between
1300°C and 600°C, far less than needed to account for a
significant shift in the position of the 3 ppb isopleth. Finally,
the effects of pressure on spinel + metal equilibria are also
small. For identical phase compositions at the same
temperature, oxygen fugacities based on olivine-spinel
equilibria would be 0.012 log units more oxidizing at the center
of a 100 km-diameter parent body than they would be at 1 bar,
essentially the same effect calculated above for olivine +
orthopyroxene + metal. Thus, we infer that the most plausible
explanation for the undetectable Cr contents of alloys in
equilibrated chondrites is that the closure temperatures of
spinel + metal equilbria were at least 50–150 °C lower than
those of spinel + olivine equilibria.
Comparison with Previous Work
Two approaches have been used to determine oxygen
fugacities for equilibrated ordinary chondrites. The first and
most widely used approach combines the compositions of
coexisting phases with thermochemical data to constrain fO2
(e.g., Mueller 1964; Larimer 1968; Williams 1971b;
McSween and Labotka 1993); this is the approach used in this
study. The second approach, used by Walter and Doan (1969)
and Brett and Sato (1984), is based on measurements of
“intrinsic” oxygen fugacities using a solid-electrolyte,
double-cell technique. In this section, we compare our results
with those in the literature based on these two approaches.
Figure 5 compares literature values to our constraints on
log10fO2 based on olivine + orthopyroxene + metal and spinel
+ metal equilibria.
Oxygen Barometry
Using Reaction 2a, Mueller (1964) assumed that olivine
and orthopyroxene coexisting with metallic iron are ideal
solutions and calculated T-log10fO2 curves as functions of
olivine composition. Larimer (1968) experimentally
determined compositions of olivine and pyroxene in
equilibrium with Fe metal as a function of temperature and fO2
and applied regular solution models to both olivine and
pyroxene. Both Mueller (1964) and Larimer (1968) treated the
alloy as pure Fe, and neither presented specific calculations
for observed mineral compositions in meteorites. Larimer did
not suggest specific T-fO2 conditions for ordinary chondrites,
but based on the range of silicate compositions given in
Ringwood (1961), Mueller (1964) suggested a log10fO2 of IW
– 2.03 ± 0.5 at 827 °C. This result is slightly more oxidizing
than our estimates based on the same reaction, which are IW
– 2.34 to IW – 2.49 at 827 °C, as shown in Fig. 5. The
difference reflects Mueller’s (1964) assumption of a pure Fe
metallic phase, his use of ideal activity-composition models
for all solid phases, and the improvements in thermochemical
data on end member phases since the publication of his work.
Using Reactions 2a and 3, Williams (1971b) calculated
temperatures of 880 ± 150 °C and pressures of 5 ± 5 kbar for
ordinary chondrites of all groups based on compositions of
coexisting olivine and pyroxene in types 5 and 6 equilibrated
ordinary chondrites from Ringwood (1961), Keil and
Fredriksson (1964), and Van Schmus (1969) and assuming
ideal solutions for olivine and pyroxene. Based on the
observed metal composition in ordinary chondrites, Williams
(1971b) assumed a Fe activity of 0.5 and obtained log10fO2 of
IW – 0.47 ± 1.2 at 880 °C, about 2 log units more oxidizing
than obtained in this study. Most of the discrepancy with our
results is driven by differences in the equilibrium constants
used for Reaction 2a. We used values calculated by MELTS,
which relate back to the compilation of Berman (1988) and are
in agreement with values derived by Holland and Powell
(1990) and Guddmundsson and Holloway (1993), while
Williams (1971b) used considerably different values given by
Williams (1971a). Williams’ (1971a) equilibrium constant
contributes 1.20 log units of the difference between his
calculated fO2 and ours. The differences in activity models for
olivine and pyroxene contribute –0.6 log units of the
difference, and assuming Fe activity of 0.5 instead of ~0.9
increases the fO2 by 0.5 log units. The log10fO2 obtained by
Williams (1971b) is more oxidizing than the pyroxene
breakdown curve calculated using MELTS but is on the
pyroxene breakdown curve calculated using Williams’
(1971a, b) data.
McSween and Labotka (1993) used an approach similar
to ours for exploring the implications of coexisting olivine,
pyroxene, and metal for the T-fO2 conditions of equilibrated
ordinary chondrites. The differences between their approach
and ours are that they used Reaction 2a to calculate oxygen
fugacities constrained by the mineral compositions relative to
the fayalite-iron-ferrosilite (FIF) buffer and followed Mueller
(1964) in treating olivine and pyroxene as ideal solutions and
assuming the metallic phase to be pure Fe. Given this set of
assumptions, all activities of the solid phases are independent
of temperature, and deviations of fO2 from the metastable FIF
buffer are functions only of the olivine and pyroxene
compositions, i.e., temperature does not affect the relative fO2
values. McSween and Labotka (1993) assumed metamorphic
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temperatures for equilibrated ordinary chondrites from Dodd
(1981) and translated increases in Fe/(Fe + Mg) of olivine and
pyroxene with petrographic type (see discussion below) into a
corresponding increase in log10fO2 from –26.16 at 650°C (IW
– 3.24) for type 4 to –23.77 at 725 °C (IW – 3.07) for type 5
to –20.51 at 850 °C (IW – 2.85) for type H6 chondrites. As
shown in Fig. 5, these values are similar to more reducing than
those determined in this study (i.e., IW – 2.32 to IW – 2.47
referenced to 850°C) for the same equilibrium, reflecting the
different activity models (contributing ~0.2 log units of the
difference) and metal composition (contributing ~0.15 log
units).
Intrinsic fO2 Measurements
Walter and Doan (1969) and Brett and Sato (1984)
measured intrinsic oxygen fugacities in equilibrated ordinary
chondrites using a solid-electrolyte, double-cell method. The
EMF was determined during cycles of heating and cooling;
these measurements yielded a T-log10fO2 relationship for each
meteorite that was then assumed to be equivalent to
conditions during metamorphism. Walter and Doan (1969)
reported log10fO2 values ranging from IW – 2.81 (600 °C) to
IW – 3.01 (900 °C) in Guareña (H6) with a stated uncertainty
on individual measurements of approximately ±0.1 log units.
This result is in fair agreement with our values for the same
meteorite (e.g., IW – 2.27 to IW – 2.42 referenced to 900 °C).
In a more extensive study, Brett and Sato (1984) measured
intrinsic oxygen fugacities in several ordinary chondrites
including two H chondrites, Ochansk (type 4) and Guareña
(type 6). The measured log10fO2 for Ochansk ranges from IW
– 0.71 (600 °C) to IW – 0.93 (900 °C) and for Guareña from
IW – 1.07 (600 °C) to IW – 1.12 (900 °C) (Fig. 5). These
conditions are much more oxidizing than either the intrinsic
fO2 measurements of Walter and Doan (1969) for Guareña or
the oxygen barometry results of McSween and Labotka
(1993) and this study. Moreover, as shown in Fig. 5, Brett and
Sato’s (1984) oxygen fugacities plot above the pyroxene
breakdown curve and are, therefore, inconsistent with the
observed phase assemblages of ordinary chondrites.
A problem with intrinsic fO2 measurements is that the
phase equilibria that control the observed EMFs may have little
if anything to do with formation conditions of the rock/mineral
being examined (e.g., Virgo et al. 1988). For example, oxygen
released from altered minerals (e.g., rusty metal grains) can
dominate the recorded signal and result in higher than primary
fO2 values. Alternatively, oxidation of graphite or organic
Fig. 5. Summary of log10fO2 estimates as a function of temperature for equilibrated H chondrites based on this and previous studies. Log10fO2
values from this study are represented by a dark shaded region for olivine + pyroxene + metal assemblages and a more lightly shaded region
for spinel + metal. Limiting curves based on the stability of alloy and pyroxene are also shown. Oxygen fugacities more oxidizing than either
of these curves are inconsistent with the observed phases of equilibrated ordinary chondrites. Literature data are from Mueller (1964; M64);
Walter and Doan (1969; WD69) (shaded area indicates ±0.1 log units uncertainty); Williams (1971b; W71b); Brett and Sato (1984; BS84);
and McSween and Labotka (1993; ML93).
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materials during heating can consume available oxygen and
lead to more reducing values; there is evidence that EMFs from
single mineral measurements are generally dominated by
organic contaminants (e.g., Mattioli and Wood 1986; Virgo et
al. 1988). However, Brett and Sato (1984) were aware of these
potential difficulties and examined rocks containing a multi-
phase assemblage that, in principle, should have been capable
of buffering the local environment in the cell; moreover, they
studied only falls and removed visibly rusted grains.
Nevertheless, their measured EMFs may reflect the
incorporation of oxidized regions in the rocks or contamination
of the cell, as evidenced by the fact that their fO2 results for
Semarkona (LL3), Cherokee Springs (LL5), and Guareña (H6)
became more oxidizing with time as heating/cooling cycles
were repeated. Given the vulnerability of intrinsic oxygen
fugacity measurements of metal-bearing meteorites to auto-
oxidation, the unexplained disagreement between the intrinsic
fO2 measurements of Walter and Doan (1969) and Brett and
Sato (1984) for Guareña, and the implication of oxygen
fugacities more oxidizing than the pyroxene stability limit, we
agree with the conclusion of McSween and Labotka (1993) that
the oxygen fugacities obtained by Brett and Sato (1984) are too
oxidizing to be plausible.
Oxidation with Progressive Metamorphism?
Our calculated oxygen fugacities based on olivine-
orthopyroxene-metal assemblages in type 4–6 equilibrated H
chondrites are 2.19–2.56 log units below IW during near-peak
metamorphism (740–990 °C) with no evidence for major
shifts in fO2 that correlate with the degree of metamorphism.
McSween and Labotka (1993) summarized a number of
observations, such as decreases in bulk metal content and
increases in mean FeO concentrations in olivine and pyroxene
and Ni/Fe as a function of increasing metamorphic type.
Although the errors on mean values for each metamorphic
type exceed the changes being considered in almost every
instance, the changes appear systematic, and they attributed
these variations to progressive oxidation accompanying
metamorphism. McSween and Labotka (1993) calculated
oxygen fugacities relative to the FIF buffer based on olivine-
pyroxene-alloy equilibria and obtained a temperature-
independent increase of 0.03 log units between H4 and H6
chondrites. Our calculations using the average phase
compositions of McSween and Labotka (1993) with the
MELTS model for the solid solutions suggest that, referenced
to any specific temperature between 600 and 990 °C, the
average fO2 of an H6 chondrite must be 0.01–0.02 log units
higher than that of an H4. Although very small, this is not
likely to result from differences in total pressure between the
H4 and H6 chondrites, i.e., this difference could only be
accounted for in a system of constant bulk composition if the
equilibrium pressures of H6 meteorites were 150–280 bars
higher than those of H4 meteorites, and this would require a
parent body with a radius >160 km. Variations in equilibration
temperature for a system of constant total composition might,
however, help to explain a range of oxidation states because,
for constant compositions of olivine, pyroxene, and metal, the
fO2 relative to FIF or IW becomes more oxidizing with
increasing temperature. For example, equating the peak
metamorphic temperatures of McSween et al. (1988) of H4
(600–700 °C) → H5 (700–750 °C) → H6 (750–950 °C) with
equilibration temperatures for olivine-pyroxene-alloy oxygen
barometry implies that H6 chondrites were 0.2–0.3 log units
more oxidizing relative to FIF than H4s. If, as suggested by
Kessel et al. (2002, Forthcoming), all H chondrites
experienced peak metamorphic temperatures of at least
740 °C (i.e., the range is not more than 740–950 °C), the
corresponding difference is <0.2 log units. McSween and
Labotka (1993) could not quantify these effects because their
thermodynamic model required T-fO2 curves parallel to FIF.
Thus, we can not dismiss an increase (or decrease) in oxygen
fugacity with increasing petrographic type, but our results
restrict such effects to no more than 0.2 log units, on average,
in terms of fO2.
CONCLUSIONS
Knowledge of the oxygen fugacities experienced by
ordinary chondrites is important for understanding the
metamorphic conditions prevailing on their parent bodies.
Based on equilibrium of olivine, pyroxene, and alloy in
equilibrated H chondrites, all experienced similar fO2s, 2.19–
2.56 log units below IW assuming equilibration temperatures
in the range of 740–990 °C, regardless of petrographic type or
metamorphic temperature. T-fO2 conditions calculated based
on the detection limit for Cr in alloys (3 ppb) are consistent
with those for olivine + orthopyroxene + metal if closure
temperatures for spinel + metal exchange were below ~625 °C
for Allegan and Guareña and below ~660 °C for Avanhandava.
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